[1] Tropical East African Lake Tanganyika hosts the Earth's largest anoxic freshwater body. The entire water column holds over 23 Tg of the potent greenhouse gas methane (CH 4 ). Methane is formed under sulphate poor conditions via carbon dioxide reduction or fermentation from detritus and relict sediment organic matter. Permanent density stratification supports an accumulation of CH 4 below the permanent oxycline. Despite CH 4 significance for global climate, anaerobic microbial consumption of CH 4 in freshwater is poorly understood. Here we provide evidence for intense methanotrophic activity not only in the oxic but also in the anoxic part of the water column of Lake Tanganyika. We measured CH 4 , 13 C of dissolved CH 4 , dissolved oxygen (O 2 ), sulphate (SO 4 2− ), sulphide (HS − ) and the transient tracers chlorofluorocarbon 12 (CFC 12) and tritium ( 3 H). A basic one dimensional model, which considers vertical transport and biogeochemical fluxes and transformations, was used to interpret the vertical distribution of these substances. The results suggest that the anaerobic oxidation of CH 4 is an important mechanism limiting CH 4 to the anoxic zone of Lake Tanganyika. The important role of the anaerobic oxidation for CH 4 concentrations is further supported by high abundances (up to ∼33% of total DAPI stained cells) of single living archaea, identified by fluorescence in situ hybridization.
Introduction
[2] East African tropical lakes store approximately one quarter of the Earth's freshwater . Although they bear large amounts of the greenhouse gases CO 2 and CH 4 in their water bodies [Deuser et al., 1973; Rudd, 1980; Schmid et al., 2005] , their contribution to the natural source of CH 4 to the atmosphere is to date unknown. Furthermore, there is growing evidence that lakes may represent significant sources of greenhouse gases and may dominate total natural CH 4 emissions [Bastviken et al., 2004] . However, quantification is often difficult, due to spatially and temporally variable emission rates [International Panel on Climate Control, 2007; Van der Nat and Middelburg, 2000] and pathways [Bastviken et al., 2004] .
[3] In the ocean, only little CH 4 ever escapes to the atmosphere. Most CH 4 is scavenged by anaerobic microbial oxidation according to CH 4 + SO 4 2 → HCO 3 + HS + H 2 O [Valentine and Reeburgh, 2000] . Archaeal groups in association with sulphate-reducing bacteria were shown to mediate this process. Most of these marine archaea are related to the Methanosarcinales [Boetius et al., 2000; Michaelis et al., 2002; Schubert et al., 2006] and are associated with sulphatereducing bacteria, widely linked to the Desulfosarcina/ Desulfococcus cluster (Deltaproteobacteria). For lacustrine systems only a small suite of studies exist, which prove the occurrence of anaerobic oxidation of CH 4 [e.g., Iversen and Jorgensen, 1985; Panganiban et al., 1979; Smemo and Yavitt, 2007] . To date only two mechanisms other than the one coupled to sulphate reduction are known, namely manganese and iron reduction and denitrification [Beal et al., 2009; Raghoebarsing et al., 2006] . These mechanisms were reported from incubations under laboratory conditions or from seep sediment and have not yet been confirmed to occur in lakes. Conditions for anaerobic oxidation of CH 4 are less favorable in freshwater systems, because sulphate and dissolved metal concentrations are generally low and easily become the limiting factor.
[4] The oligotrophic Lake Tanganyika is a lacustrine system which is located in the African Rift Valley and seems to be well suited for a biogeochemical study of the anaerobic oxidation of CH 4 . This lake contains the largest anoxic freshwater body in the world, storing approximately 23 Tg of CH 4 gas below a permanent thermal stratification [Hecky, 1991] . For comparison, ∼90 Tg of CH 4 are stored in the Black Sea, the world's largest marine anoxic basin [Reeburgh et al., 1991] . Furthermore, water column sulphate concentrations are substantial and allow the formation of a chemically appropriate environment for the anaerobic oxidation of CH 4 . In Lake Tanganyika, mixing processes and currents have intensively been investigated in the surface waters [Naithani et al., 2007; Gourgue et al., 2007a; Podsetchine et al., 1999] . Deep water renewal and vertical transport in the hypolimnion, however, have not been investigated although these processes are important for understanding the vertical distribution of dissolved substances.
[5] In the present study, the factors controlling CH 4 concentrations and oxidation in Lake Tanganyika were investigated by using a one-dimensional vertical advectiondiffusion reaction model. Our hypothesis is that the anaerobic oxidation of CH 4 essentially controls CH 4 concentrations in stratified lakes that contain large bodies of anoxic water and sufficient amounts of sulphate, like Lake Tanganyika. The model was applied to evaluate the major transport processes occurring in the thermocline and anoxic deep water body of Lake Tanganyika. Advective deep water renewal and turbulent mixing were estimated by inverse simulation of temperature, 3 H and CFC-12 concentrations, similar to an earlier study in Lake Baikal [Peeters et al., 2000] . The model was further used to outline the relevance of turbulent diffusion for vertical CH 4 , O 2 , and SO 4 2 transport and depletion. Model results were compared with the stable C isotopic composition of dissolved CH 4 and the abundance of archaea and aerobic methanotrophs with depth. Overall, these data provide evidence that the anaerobic oxidation of CH 4 is an important mechanism controlling the removal of CH 4 from the water column.
Methods

Sampling and Analysis
[6] Water column samples were taken for geochemical and microbiological investigations at station 1 in the northern basin and at station 2 in the southern basin (Figure 1 ) from aboard the R/V Maman Benita. Geochemical samples were collected in July 2001 July , 2002 July , and 2003 .e., during dry monsoonal winters, and in January 2004, i.e., during wet summer, and microbiological samples were collected in July 2003 and in January 2004. Previous to sampling, vertical profiles of conductivity and temperature were recorded at both stations. Subsequently, water samples were collected with Niskin bottles.
[7] For measuring CH 4 concentrations and stable carbon (C) isotopic ratios, water was filled into 120 mL serum bottles, poisoned with 5 mL NaOH or 50 mL of 50 mM HgCl 2 solution, respectively, and stored gas tight at 5°C. A 20 mL helium headspace was introduced and the samples equilibrated at 30°C for 4 h. Quantification of CH 4 was accomplished by injecting 200 mL of headspace from the serum vials into a Carlo Erba HRGC 5160 gas chromatograph equipped with a J&W GSQ column (30 m × 0.53 mm). Injection temperature was 70°C, FID temperature was 200°C, and the oven temperature was held at 40°C.
[8] The d 13 C signature of dissolved CH 4 was measured on an Isoprime isotope ratio mass spectrometer linked to a Trace Gas Preconcentrator (GV Instruments). The oxidation of CH 4 to CO 2 was performed by copper oxide (CuO) at 950°C. Isotopic compositions are reported in d notation relative to the PeeDee Belemnite (VPDB) (Vienna, IAOA), determined by comparison with a 1% CH 4 lab standard of known isotopic composition relative to the VPDB standard. The reproducibility of analysis is ±0.8‰, and for CH 4 concentrations <1 mM it is ∼2‰.
[9] Water for dissolved oxygen analyses was filled without any bubbles in Winkler flasks and for ammonium, nitrate, sulphate, and sulphide analyses in muffled 100 mL glass bottles. All samples were immediately measured aboard ship. Dissolved oxygen concentrations were measured using the Winkler titration method [Grasshof, 1983] . Ammonium, nitrate, sulphate, and sulphide concentrations were determined colorimetrically [DEW, 2004] .
[10] For measuring bacterial abundance and investigating the microbial consortium by fluorescence in situ Hybridization (FISH) water was collected in muffled 50 mL glass bottles and killed with formaldehyde (2%). Preserved water samples (50 mL) were filtered using polycarbonate filters (0.2 mm pore size, 25 mm diameter, Millipore) and stored frozen at −20°C. Cell abundance was determined by epifluorescence microscopy (Zeiss Axioscope HBO50, 1000 magnification) of DAPI-stained cells [Porter and Feig, 1980] . FISH was performed on the filters [Pernthaler et al., 2002] , using CY3-and fluorescein-labeled 16SrRNA-targeted oligonucleotide probes (MWG Biotech AG, Switzerland): ARCH915 (5′-GTGCTCCCCCGCCAATTCCT-3′) [Amann et al., 1990; Pernthaler et al., 2002] , type I (M□84/M□705: 3′-AGCCCGCGACTGCTCACC-5′/ 3′-CTAGACTTCCTTGTGGTC-5′) and type II (M□450: 3′-CTATTACTGCCATGGACCTA-5′) methanotrophs [Eller et al., 2001] . After testing for their specificity at ∼60% v/v formamide, probes for archaea were hybridized at 40% and for bacteria at 20% formamide.
[11] The transient tracers 3 H and CFC-12 were sampled on a previous cruise in September 1998. Water samples were collected with Niskin bottles in the southern basin at station 2. The water was filled into copper tubes and locked gas tight. Tritium concentrations were determined by measuring the increase in helium concentration in previously degassed samples using mass spectrometry [Beyerle et al., 2000] . Concentrations of CFC-12 were measured with a gas chromatograph (Shimadzu GC-14 A) equipped with an electron capture detector and following the technique of Hofer and Imboden [1998] . The error in concentrations (at the 1 s level) were estimated to be ±0.1 TU for 3 H (1 TU = 0.2488 × 10 14 mL STP g 1 ) and ±5% for CFC-12.
Model Setup
[12] A one-dimensional vertical advection-diffusionreaction model was implemented using the lake module of the software AQUASIM 2.1 [Reichert, 1994 [Reichert, , 1998 ], which was developed to simulate various aquatic systems, like wastewater treatment plants, rivers, and particularly lakes [e.g., Peeters et al., 2000; Omlin et al., 2001; Schmid et al., 2006; Matzinger et al., 2007] . The software comprises tools for parameter estimation and sensitivity analysis. Partial differential equations for the processes included are solved by discretization of spatial derivatives, and subsequent implicit integration of the remaining system of coupled ordinary differential equations with variable time steps and variable integration order [Petzold, 1983] . Vertical transport processes in the model include turbulent diffusivity which varies as a function of depth and advective transport caused by lateral inflows (i.e., deep water renewal). Masses of dissolved substances are conserved. A one-dimensional vertical grid with a resolution of 5 m was used for the model.
[13] The area of Lake Tanganyika, as a function of depth, was derived from an xyz data set produced by E. Deleersnijder (personal communication, 2007) based on the bathymetric map by Capart [1949] . The surface area is 32900 km 2 . The water column was divided into the mixed surface layer (0-90 m, volume 2750 km 3 ), the thermocline (90-300 m, volume 5260 km 3 ), and the deep water (below 300 m, volume 11300 km 3 ). The three basins of Lake Tanganyika (northern, intermediate, and southern) are separated by sills of an approximate depth of 700 m [Coulter and Tiercelin, 1991] . Although the simulation of the lake as a single basin represents a simplification, we argue that the major processes of interest were observed above 700 m depth. The water column was divided into the mixed surface layer (0-90 m), the thermocline (90-300 m), and the deep water (below 300 m). The thickness of the surface layer was defined by the typical maximum depth reached by seasonal mixing during the dry season [Gourgue et al., 2007b] . The depth separating the thermocline and the deep water (300 m) was chosen based on observed profiles of temperature and dissolved constituents from the southern basin (Figures 2, 3 , and 4).
[14] Simulations were started in the year 1913 und run until 2004, with a variable time step chosen by the integration algorithm of AQUASIM 2.1, which is based on stability criteria for the solution. The maximum time step was set to 0.1 years. Table 1 lists values and source references for the external forcing and the major model parameters. Air temperature and humidity values typical for the dry season (winter) were chosen, because they are representative for the time of the year when the surface layer is mixed. An additional simulation with seasonally varying forcing was run within the 'sensitivity analysis' (see below).
[ Edmond et al. [1993] in the southern basin was used, since our own measurements scattered considerably. Observations from the northern basin were not used for simulations, but are shown in some figures for comparison (Figures 2a and 3a) . Steady state conditions were assumed for all tracers in Lake Tanganyika except for temperature and the transient tracers CFC-12 and 3 H. Temperature has been increasing in Lake Tanganyika during the last 100 years. The vertical profile from Stappers [1913] , as presented by Verburg and Hecky [2009] , was used to represent the initial condition ( Figure 4 ). All observed in situ temperatures were converted to potential [Walker et al., 2000] . Solubility in water was calculated by using the constants of Warner and Weiss [1985] . The CFC-12 concentrations in riverine inflows were assumed to be in equilibrium with the atmosphere. In addition to our 3 H data, one profile of 3 H concentrations was available from measurements performed in the northern basin in 1973 [Craig, 1975] . Tritium concentrations in rain and riverine inflows were set to the average of concentrations observed at stations within the GNIP network [International Atomic Energy Agency/World Meteorological Organization, 2006] located nearby (Entebbe, Muguga, Makutapora, Kericho, Dar es Salaam, Ndola, Harare).
[17] Gas exchange (for CFC-12, CH 4 , and O 2 ) between the surface of the lake and the atmosphere was calculated according to
The flux F c between the lake surface and the atmosphere was equal to the product of the gas exchange velocity v gas and the difference between the equilibrium C equ and the actual concentration at the surface C surf . The gas exchange velocity for a Schmidt number of 600 (Sc = 600) was calculated according to equation (5) of Cole and Caraco [1998] . The exchange [Spigel and Coulter, 1996] and 42.8 km 3 yr 1 [Nicholson and Yin, 2004] . b Other estimates are 50 km 3 yr 1 [Spigel and Coulter, 1996] and 56.5 km 3 yr 1 [Nicholson and Yin, 2004] . c
Other estimate is 18 km 3 yr 1 [Spigel and Coulter, 1996] .
velocities of the different gases were corrected for the Schmidt numbers of the respective gases using
with n = 2/3. The Schmidt numbers of the different gases were calculated as a function of temperature using the polynoms given by Wanninkhof [1992] .
[18] The exchange of 3 H between the lake and the atmosphere was calculated using the equations given by Imboden et al. [1977] . The surface input of 3 H is given by
in which E represents the evaporation, a the equilibrium fractionation between water and air, h the relative humidity of the air at the water surface temperature, C surf the concentration at the surface, and C rain the observed concentrations in rainwater [Aeschbach-Hertig, 1994; Imboden et al., 1977] . Because the difference between air and surface water temperatures was generally small in Lake Tanganyika, relative humidity values from the air were regarded representative for h. Tritium was simulated to decay in the water column with a decay constant of 0.05626 yr 1 , corresponding to a half-life time of 12.32 years [Lucas and Unterweger, 2000] .
[19] The vertical turbulent diffusivity in the surface layer is set to a value such that the water age, defined in the model as the time since the last contact with the lake surface, is on average 1 year in the mixolimnion. This requires a diffusivity of 1 × 10 3 m 2 s 1 .
[20] In order to simulate CH 4 concentrations in the lake, the gas exchange process described above and the following processes were included in the model (Table 2) : release of CH 4 from the sediment (proportional to the sediment area at each depth), aerobic and anaerobic oxidation of methane, oxidation of HS to SO 4 2 , and volumetric consumption of O 2 . In order to keep SO 4 2 concentrations constant in the surface layer, SO 4 2 concentrations in the riverine inflows were set to 10 mM. This equals the average observed concentrations [Langenberg et al., 2003] , except for the River Ruzizi, which exhibits an average SO 4 2 concentration of 124 mM and contributes 5.4 km 3 yr 1 to the total river inflow, i.e., ∼600 mmol yr 1 more than included in the model. We conclude that there must be an additional sink of ∼20 mmol SO 4 2 m 2 yr 1 from the mixolimnion, which is not explicitly represented by a process in the model.
[21] The d 13 CH 4 values were calculated based on the following assumptions: The d 13 C of CH 4 released from the sediment was estimated in order to fit the simulated d 13 C in the deep water to the observed values. The fractionation factors a were set to 0.98 (i.e., the reaction is 0.98 times as fast for 13 CH 4 as for 12 CH 4 ) for aerobic oxidation of CH 4 and to 0.995 for anaerobic oxidation of CH 4 , both in the range of those cited by Whiticar [1999] . For gas exchange at the lake surface, a fractionation factor of 0.9992 was used [Knox et al., 1992] .
[22] In a first step, the model was used to estimate the relevant parameters for vertical transport (vertical turbulent diffusivities and deep water renewal rates) based on transient tracers and temperature profiles. Then, concentrations of the nutrients NH 4 + and PO 4 3 were simulated with the transport parameters obtained from the inverse fitting of the transient tracers to validate the parameterization of the transport processes. Finally, the validated transport model was extended by including biogeochemical processes, and the implications of these processes on CH 4 concentrations in the lake were investigated. [23] Average measured concentrations (mM ± standard error, SE, if n = 3) from water samples of the northern and southern basin are presented in Figures 2 and 3 . In the northern basin, the deep water below ∼200 m depth was permanently anoxic, and CH 4 concentrations were ∼170 mM at 1200 m, ∼8 mM at 200 m depth, and ∼0.1 mM at the surface. In the southern basin, water column profiles were comparable to the deep northern basin (∼220 mM at 1200 m, ∼27 mM at 200 m depth, and ∼5 mM at the surface) (Figures 2a and 2c ). In the northern basin, the d
13
CH 4 values were fairly homogenous below ∼200 m depth (−72‰), however, within the thermocline CH 4 was heavier, and −43‰ at the surface. Note, the d 13 C of atmospheric CH 4 is −47‰ [Stevens and Wahlen, 2000] . In the southern basin, the d 13 CH 4 value was fairly Only above 40 m depth, rate set to reach concentrations comparable to observations. homogeneous below and above the thermocline, while within it sharply shifted from −70‰ to −46‰. Sulphate, a possible electron acceptor for the anaerobic oxidation of CH 4 , ranged between 30 and 36 mM in the surface water of both basins and showed a sharp decrease at ∼200 m depth and below, while HS appeared in the thermocline and concentrations were high (>50 mM) below. However, the HS data were strongly scattered (data not shown), and therefore the data by Edmond et al. [1993] from the southern basin were used for model simulations. Ammonium concentrations were highest in deep water (50 to 60 mM) and the sharpest upward decrease occurred between 300 and 150 m depth in both basins (Figure 3) . Similarly, PO 4 3 concentrations were highest in deep water (6 to 8 mM) and concentrations strongly decreased between 300 and 80 m depth in both basins.
Cell Abundance and FISH
[24] We detected numerous single cells from water column samples with gene probes specific for the domains archaea and bacteria using FISH. In both basins, an increase of the abundance of archaea (up to ∼33% of total DAPIstained cells in the northern basin) was identified in the thermocline (Figures 2b and 2d) . The archaeal cells were well recognized by DAPI stain and probe signal. About 12 to 17% of all DAPI-stained cells within 30 to 40 m depth in the northern and 19 to 22% at 100 m depth in the southern basin were identified to belong to type I and II methanotrophs. Type I methanotrophs dominated by up to 95%.
Diffusivity, Temperature, and Deep Water Renewal
[25] Below 400 m depth, the transient tracers CFC-12 and 3 H were observed at significant concentrations, with a considerable scatter, but no clear depth trend. In principle, there are two possibilities to explain these concentrations: (1) very high vertical turbulent diffusivities or (2) an advective transport of surface water to the deep water. The former contradicts both the observed gradients of other constituents in the deep water, and a first-order estimate of the diffusivity in the thermocline of ≤10 5 m 2 s 1 , which was based on the vertical density stratification and the energy input from the wind using the method described by Wüest et al. [2000] .
[26] For this reason, the volume flow of deep water renewal in the thermocline between 90 to 350 m depth was optimized to fit the observed water column concentrations of CFC-12 and 3 H ( Figure 5 ). For 3 H and CFC-12, zero concentrations were assumed as initial conditions for the year 1904. Then, the model was run until the years 1973 [Craig, 1975] ) and 1998, when concentrations were measured.
[27] It is assumed that the deep water is formed by plunging surface water due to differential cooling in shallower areas of the lake [Verburg and Hecky, 2009] , similar to the processes described for Lake Issyk-Kul [Peeters et al., 2003] . The vertical depth distribution of the deep water new formation is unknown. Several different distributions were tested, and the most consistent results were achieved by assuming a formation rate that decreases linearly from 90 m depth to the deepest point of the lake. Least squares fitting to the observed concentrations of 3 H (1973 3 H ( and 1998 3 H ( ) and CFC-12 (1998 H in the deep water inflow were set equal to concentrations at 10 m depth.
[28] The vertical temperature profiles in the thermocline follow exponential curves. This would be expected in case of a constant diffusivity combined with upwards advection driven by deep water renewal. By fitting an exponential curve to the observed profiles, the ratio of the turbulent diffusivity to the uplift velocity caused by deep water renewal rate can be estimated. The resulting diffusivity in the thermocline is 6 × 10 6 m 2 s 1 , in agreement with the first-order estimate based on the method of Wüest et al. [2000] . The diffusivity in the thermocline can also be optimized in order to reproduce the observed temperature increase over time [Verburg and Hecky, 2009] . This requires several assumptions: we assumed that the water propagating downward in the deep water renewal process is slightly (0.1°C) colder than the ambient water at the depth where it intrudes and stratifies, that the geothermal heat flow corresponds to the average of the few available observations (0.5 W m 2 [Pollack et al., 1993] ), and that there is no significant heating by warm springs, even though geothermal springs are entering the surface layer [Tiercelin et al., 1993] . Furthermore, it was assumed that the temperature at the base of the mixolimnion has been increasing by ∼1°C within a century, namely from 23.5°C in 1900 to 23.9°C in 1975 and 24.5°C in 2000. A diffusivity value on the order of 2 × 10 5 m 2 s 1 would then be required in order to supply sufficient heat to the deep water (Figure 4 ). Based on this evaluation, the diffusivity in the thermocline was set to 1 × 10 5 m 2 s 1 . We estimate that this diffusivity should be correct within a factor of 2.
[29] The diffusivity in the deep water is less well constrained. Measured vertical profiles of NH 4 + and PO 4 3 concentrations from 1975 [Edmond et al., 1993] + and PO 4 3 , in the deep water of the southern basin are typically by a factor of ∼10 smaller compared to the thermocline. If we assume areal fluxes to be similar over depth, this indicates that the diffusivity in the deep water is about 10 times larger than in the thermocline. Hence, we tentatively set the diffusivity in the deep water to 1 × 10 4 m 2 s 1 .
[30] The observed profiles of the transient tracers CFC-12 and 3 H show two features that cannot be explained by the simple model approach ( Figure 5 ). In 1998, elevated concentrations were observed at around 400 m depth, which would require a large intrusion event at this depth. Based on the estimated vertical diffusivity in the deep water of the lake, the width of the peak indicates an average age of the intrusion of approximately 1 year. An additional simulation was run with an individual inflow of 300 km 3 of water at 400 m depth during the year 1997 and is shown for comparison in Figures 5b and 5c . Such an intrusion could explain the observed concentrations of the transient tracers. It is unclear how well the peak would have been horizontally distributed across the whole lake within one year. The observed peaks could therefore also be interpreted as a rather local signal of a smaller intrusion or as a more distant signal of an even larger event in another basin. Negative peaks at around 900 m depth may suggest an inflow of old groundwater, which has not been in contact with the atmosphere for at least 50 years.
Simulation of Nutrient and Oxygen Concentrations
[31] In order to examine the assumptions for mixing derived above, concentrations of NH 4 + and PO 4 3 were simulated. For both compounds it was assumed that they are released at a constant rate proportional to the sediment area at all depths. There are no data available from Lake Tanganyika to support this assumption. This would require measurements of sediment fluxes with sediment traps at different depths. However, in Lake Kivu, water column mineralization in the anoxic layer was shown to be negligible, and observed sediment fluxes were homogeneous with depth [Pasche et al., 2010] . In the model, NH 4 + is quickly consumed by nitrification with an arbitrary fast rate at depths <150 m in order to keep mixolimnion concentrations at very low levels, and PO 4 3 is consumed by primary production in the mixolimnion at a first order rate of 2 yr 1 to keep surface concentrations near typical observed levels of 0.1 mM. Areal release rates of ∼0.09 mol NH 4 + m 2 yr 1 and ∼0.01 mol PO 4 3 m 2 yr 1 are required to keep the concentrations constant in the deep water. Simulated concentrations agree well with observations, supporting the assumptions for mixing processes made above (Figure 3b ). It should be mentioned that, assuming a C:N:P ratio of 168:19:1 [Järvinen et al., 1999] of the mineralized organic matter, the release rates would correspond to a relatively low mineralization rate of ∼10-20 g C m 2 yr 1 (comparable to that of Ramlal et al. [2003] ). A first order volumetric oxygen consumption rate of 0.2 yr 1 was required to reproduce the observed vertical oxygen profile.
Production and Oxidation of Methane
[32] The observed concentrations could best be reproduced in steady state using an areal production of 0.5 mol CH 4 m 2 yr 1 (Figure 2 ). The estimated ratio of C:N:P of the mineralized organic matter, assuming a production of 50% CO 2 and 50% CH 4 during anaerobic decomposition, was 100:9:1. Compared to the average composition of the seston, P is enriched by a factor of almost 2 in the mineralized organic matter. This enrichment is at least partially due to seasonal effects. During the dry season, primary production peaks while N and P are enriched in the seston compared to the annual average [Stenuite et al., 2007] . Furthermore, it can be expected that a higher fraction of the freshly produced organic matter is exported from the epilimnion during the dry season than during the wet season when nutrients are more limiting and the stratification is more stable. The sedimenting and mineralized organic matter is therefore more representative of the organic matter produced during the dry season, as it has been observed using sediment traps in Lake Malawi [Pilskaln, 2004] . The d 13 C of the produced CH 4 was set to −75 ‰ in order to agree with the observed d 13 C of the CH 4 in deep water (Figure 2) . The CH 4 observed in the deep water is ∼2 ‰ heavier because of the partial oxidation with O 2 and SO 4 2 supplied by the deep water renewal.
[33] The rates of the aerobic and anaerobic oxidation of CH 4 were adjusted to fit the observed gradients of CH 4 , HS , and SO 4 2 with depth. It was not possible to reproduce both the gradient of CH 4 in the thermocline and the SO 4 2 concentrations in the deep water with the same reaction rate for anaerobic CH 4 oxidation. In reality, the supply of SO 4 2 by deep water renewal is intermittent, with varying depths and volumes of intrusions, contrary to the thermocline, where SO 4 2 is continuously supplied from the mixolimnion by turbulent diffusion, supporting the activity of a more 'efficient' population of anaerobically oxidizing CH 4 cells. Therefore we used different reaction rate constants for the anaerobic oxidation of CH 4 in the thermocline and the deep water in the model. The reaction rate constants were estimated to 0.02 yr 1 (mM O 2 ) 1 for the aerobic, and 0.003 and 0.0004 yr 1 (mM SO 4 2 ) 1 for the anaerobic oxidation of CH 4 in the thermocline and the deep water, respectively. These values correspond to 3 months residence time of CH 4 for aerobic oxidation at typical O 2 concentrations of 200 mM in the mixolimnion, and to about 20 and 600 years residence time of CH 4 for anaerobic oxidation at SO 4 2 concentrations present in the thermocline and the deep water, respectively. The effective residence time of CH 4 in the deep water in the model is on the order of 100 y, as it is transported upwards by uplift caused by deep water renewal and turbulent diffusion ( Figure 6 ). The vertical structure of simulated oxidation rates agrees well with that of observed abundances of archaea (Figure 2d ).
Sensitivity Analysis
[34] The sensitivity of the model in respect to the driving parameters was tested by the following additional simulations. A simulation including seasonal variability was calculated using the following external forcing: sine functions for relative humidity (average 0.75, amplitude 0.15), lake surface temperature (average increasing from 25°C in 1900 to 25.4°C in 1975 and 26°C in 2000, amplitude 2°C) . Lake surface temperature, precipitation, and humidity exhibit their maxima during the wet season, evaporation and mixing depth during the dry season. We found that effects of seasonality were small on the simulated depth distribution of reactants.
[35] The deep water renewal rate was varied in steps of 10 km 3 yr 1 from 20 to 50 km 3 yr 1 . The impact of deep water renewal on concentrations of CH 4 , SO 4 2 , HS , d
13 CH 4 , and the anaerobic oxidation of CH 4 , is shown in Figure 7 , and on 3 H and CFC-12 concentrations in Figure 5 . Precipitation and evaporation were varied by ±5 km 3 yr 1 , relative humidity by ±10%, and wind speeds of 1 and 6 m s 1 were simulated. The most significant effects of changes in these parameters could be observed for simulated 3 H concentrations due to changes in humidity. A change in relative humidity by 10% resulted in a similar change in simulated 3 H concentrations, as if increasing the deep water renewal rate by about 10 km 3 yr 1 .
[36] The d 13 C of dissolved CH 4 produced in the sediment was varied by ±5‰. This change influenced d 13 CH 4 values by the same amount in the whole water column. Fractionation factors were varied by ±0.01 for the aerobic fractionation and by ±0.002 for the anaerobic fractionation of CH 4 . The former had a significant effect on d
13
CH 4 values in the mixolimnion (although this is most probably strongly influenced by shallow sources). The latter caused a variation of about ±0.3‰ in the whole deep water.
[37] The aerobic oxidation rate of CH 4 was multiplied and divided by a factor of 10. A higher aerobic oxidation rate would mainly affect concentrations and the d 13 C of dissolved CH 4 in the mixolimnion. However, both are most probably strongly influenced by shallow CH 4 sources as well as by seasonal fluctuations, and can therefore not be used to calibrate this parameter with high accuracy without further information on shallow CH 4 sources.
[38] Finally it was tested whether the observed profiles of CH 4 , SO 4 2 , and HS could also be reproduced using a model without anaerobic oxidation of methane. In order to achieve this, the following changes had to be made to the model: the diffusivity in the thermocline was increased by a factor of 2 to 2 × 10 5 m 2 s 1 ; an additional process was added that reduces SO 4 2 , and HS at approximately the same rate as this is done by the anaerobic oxidation of CH 4 in the base model; the CH 4 release rate from the sediment was slightly reduced to 0.4 mmol m 2 yr 1 ; the first-order consumption rate of oxygen was increased to 0.5 yr 1 . With these adaptations of the model, observed CH 4 concentrations could be reproduced almost as well as with the base simulation (Figure 8 ).
Discussion
[39] In Lake Tanganyika, high concentrations of dissolved CH 4 possibly originate from degradation of settling organic particles and 'relict' sediment organic C [Craig, 1975; Hecky, 1978] under low SO 4 2 concentrations (≤25 mM) as compared to marine systems [Capone and Kiene, 1988] ) Figure 6 . Simulated average residence time of CH 4 (calculated as the stock below a given depth divided by the integrated production below this depth) and water age (average time since the last contact of the water with the atmosphere at the lake surface). (Figures 2a and 2c ). According to a recent study by Alin and Johnson [2007] this ancient and deep tropical lake stores up to 4 km of sediment, containing a gigantic amount of organic matter, which is partially prone to remineralization at high deep water temperatures [Sobek et al., 2009] as encountered in Lake Tanganyika. The CH 4 'light' C isotopic ratio of −73 ‰ in deep water (Figures 2a and 2c) suggests that it is biologically produced, namely via carbon dioxide (CO 2 ) reduction or fermentation [Whiticar et al., 1986] . Typical d
13
C values produced by both processes in marine and fresh waters are −110 to −55 ‰ for CO 2 reduction and −70 to −50 ‰ for fermentation. Although Lake Tanganyika is a tectonic system, contribution of 'light' hydrocarbon gases (−58 to −50 ‰) originating from hydrothermal fluids [ Botz and Stoffers, 1993] did not impact the isotopic signature of water column CH 4 .
[40] In both basins water column concentrations of dissolved CH 4 gradually declined upwards within deep anoxic layers and above in the mixolimnion, while intensely within the fairly narrow thermocline between 90 and 300 m (Figures 2a and 2c) . The vertical profiles of CH 4 indicate that (1) turbulent diffusion must lead to an upward flux of CH 4 from CH 4 -rich deep water and (2) a sink for CH 4 exists at shallower depth compensating the upward flux. Significant vertical gradients in CH 4 concentrations were only identified in the anoxic zone, and did not extend into the oxic layer in the southern basin, suggesting that CH 4 must be substantially removed in anoxic water. Because of ample SO 4 2 concentrations in the stratified water column of Lake Tanganyika, we hypothesize that next to aerobic oxidation the anaerobic oxidation of CH 4 may play a role in the elimination of CH 4 . According to Rudd [1980] no oxidative removal of CH 4 can be expected below the suboxic zone of Lake Tanganyika. However, one study has demonstrated that the anaerobic oxidation of CH 4 may act as a control mechanism of water column concentrations of CH 4 in freshwater [Eller et al., 2005] . For this reason, we have evaluated the importance of anaerobic and aerobic methanotrophy for CH 4 concentrations in Lake Tanganyika by means of a simplified one-dimensional model.
[41] We found that both in the deep water and in the thermocline, microenvironments geochemically suitable for the anaerobic oxidation of CH 4 existed with sufficiently high concentrations of both SO 4 2 and CH 4 [Iversen and Jorgensen, 1985] . SO 4 2 is supplied intermittently to the CH 4 -rich deep water by deep water renewal events, whereas in the thermocline turbulent diffusion supplies SO 4 2 from the mixolimnion and CH 4 from the deep water. This finding is strongly underscored by simulated rates of the anaerobic oxidation of CH 4 , and simulated fluxes of CH 4 , SO 4 2 , and HS , which also peaked in this depth range (Figure 2d ).
[42] Sulphate is mainly supplied from river inflow [e.g., Kimbadi et al., 1999; Langenberg et al., 2003] and in-lake oxic and anoxic sulfur oxidation between ∼150 to 300 m depth, as indicated by the existence of green nonsulphur bacteria in the lake's hypolimnion [De Wever et al., 2005] . Highest downward diffusive fluxes of SO 4 2 (∼100 mol s 1 ) occurred within the thermocline at ∼200 m depth, and matched upward fluxes of HS (Figure 9 ). Hence, we concluded that HS concentrations were controlled by SO 4 2 reduction. Although thermophilic SO 4 2 reduction coupled to oxidation of organic matter was reported from sublacustrine hydrothermal sediments of Lake Tanganyika [Elsgaard et al., 1994] , we assumed this process was potentially hampered in these depths due to relatively low SO 4 2 concentrations and mutual exclusion by methanogenesis [Cappenberg, 1974; Lovley et al., 1982] .
[43] The electron acceptor O 2 , relevant for the aerobic oxidation of CH 4 (CH 4 + 2O 2 → CO 2 + 2H 2 O), is mainly supplied from the atmosphere. Oxygen concentrations decreased from 60 m downward and were zero at ∼200 m depth in both basins (Figures 2a and 2c) . Downward fluxes of oxygen were highly surpassing upward diffusion of CH 4 , implying that the aerobic oxidation of CH 4 can be potentially very high in surface waters (Figures 2d and 9) . Hence, aerobic methanotrophy can occur until O 2 is depleted to zero, and it is the thermodynamically favorable process in the oxic and upper part of the suboxic zone [Hazeu, 1975] . Estimated aerobic oxidations rates peaked at ∼140 m depth, exactly where O 2 concentrations were already strongly depleted, as was previously described [Rudd, 1980; Reeburgh et al., 1991] .
[44] According to simulations, ∼35 km 3 yr 1 of water was exchanged by advective processes between the upper 90 m and the deep water below. The estimated deep water renewal rate was similar to the total annual river inflows. However, rivers have been shown to usually stratify at shallow depths and therefore cannot be the major source for this deep water renewal [Verburg and Hecky, 2009] . Most probably, density plumes caused by differential cooling of water masses in shallower areas during the dry season are the cause for the deep water exchange. The lowest potential temperature in the vertical profiles was about 23.2°C. The difference in conductivity at 25°C between the surface and the deep water is only about 40-60 mS cm 1 , which corresponds to a density difference of <0.03 kg m 3 . At such high temperatures a difference of ∼0.1°C is sufficient to compensate the stabilizing effect of the salinity differences between surface and deep water. Consequently, surface water masses that are cooled below 23°C can plunge to largest depths in Lake Tanganyika. Nearshore temperatures below 23°C were observed in three of four years during a measurement campaign at Mpulungu harbor [Verburg and Hecky, 2009] . If the deep water renewal is indeed caused by such density plumes, small differences in the minimum temperature can have a large impact on both the volume and the intrusion depth of these plumes. Therefore, it is expected that the volume of deep water renewal as well as the depths of the resulting intrusions are highly variable from year to year. For example, observations from 1998 indicate the occurrence of a large plume at 400 m depth during the previous year. The estimated deep water renewal rate of ∼35 km 3 yr 1 should be regarded as a long-term average rate. As mentioned above, the sinking water masses transport the oxidants O 2 and SO 4 2 from the surface layer to deeper waters. The differences between the two models are described in section 3.6.
[45] The model was able to adequately reproduce measured concentrations of CH 4 , O 2 , SO 4 2 , and HS in the southern basin (Figure 2c ). In the anoxic deep, a net source of 6 g CH 4 -C m 2 yr 1 was required to obtain the observed CH 4 concentrations. Furthermore, simulated concentrations of SO 4 2 and HS in the thermocline and below ∼300 m depth could only be explained by assuming a slow transformation of SO 4 2 to HS with a residence time of SO 4 2 on the order of 300 years. We propose that the process responsible for this transformation is anaerobic oxidation of CH 4 . The simulated depth distribution of the aerobic oxidation of CH 4 in the whole water column (Figure 2d ) revealed highest rates at ∼140 m depth under oxic/suboxic conditions, confirming the finding by Rudd [1980] . According to the model additional significant CH 4 removal is required at ∼200 m depth under quasi anoxic conditions suggesting anaerobic CH 4 oxidation (Figure 2d) . Moreover, the simulations suggested that the anaerobic oxidation of CH 4 took place within the whole anoxic deep, even though with a lower rate than in the thermocline. The reaction rate constants were roughly estimated to be 0.02 yr 1 (mM O 2 ) 1 for the aerobic, and to 0.003 yr 1 (mM SO 4 2 ) 1 and 0.0004 yr 1 (mM SO 4 2 ) 1 for the anaerobic elimination of CH 4 in the thermocline and the deep water, respectively. Overall, according to the model, anaerobic and aerobic methane oxidation removed each about half of the CH 4 released from mineralization in the deep water. The simulated average residence time of CH 4 produced below 90 m depth was ∼110 years (Figure 6 ).
[46] In the model, only a few percent of the CH 4 produced in the deep water were emitted to the atmosphere. However, simulated CH 4 concentrations in the surface layer were only 0.014 mM, whereas observed concentrations ranged between 0.01 and 10 mM. Therefore, it must be expected that CH 4 emissions to the atmosphere are higher than predicted by the model. A large number of observations would be required to calibrate a model that would aim at reproducing the seasonal variability of surface layer CH 4 concentrations, and could therefore give a reliable estimate of emissions to the atmosphere. The available data is insufficient for this purpose. Nevertheless, in order to arrive at an average concentration of 1 mM in the surface layer, an additional input of about 10 g C-CH 4 m 2 yr 1 had to be added to the model. Approximately half of this additional input would be oxidized aerobically, the other half would be emitted to the atmosphere. Potential sources of CH 4 to the surface layer could be CH 4 , which is produced in nearshore shallow areas, especially near river inflows, and subsequently distributed horizontally, or CH 4 directly introduced by rivers [Murase et al., 2005; Schmid et al., 2007] .
[47] The isotopic enrichment of heavy carbon ( 13 C) in dissolved CH 4 served as an additional valuable evidence for biological CH 4 removal [Barker and Fritz, 1981; Reeburgh et al., 1991; Whiticar, 1999; Durisch-Kaiser et al., 2005] and was compared to model calculations. We observed that microbial oxidation enforced a change in d 13 CH 4 along upward CH 4 transport. In the narrow zone between 90 to 350 m depth, an isotopic enrichment by on average 23‰ (Figures 2a and 2c ) was identified. Mixing processes as a reason for this isotopic imprint can be ruled out due to the lack of sufficient amounts of isotopically heavy CH 4 in these shallow depths. Furthermore, changes in CH 4 concentrations and in d 13 CH 4 did not overlap depthwise (Figures 2a and 2c ). This is explained by the low isotope fractionation factor for the anaerobic oxidation of CH 4 (" C = 5). A significant change in the C isotope ratio is first observed if ∼80% of the CH 4 have been oxidized [Whiticar, 1999] . [48] Isotopic analyses did not allow for distinguishing between aerobic and anaerobic processes. Hence, to constrain the role of both processes, we detected numerous single archaea and bacteria potentially involved in the oxidation of methane by using FISH [Pernthaler et al., 2002; Eller et al., 2001] . Between 175 and 300 m depth, an enormously elevated abundance of archaea matched with pronounced changes in concentrations of CH 4 , d
13 CH 4 , and calculated oxidation rates of CH 4 (Figures 2c and 2d) . Abundances of ∼0.6 to at most 33% archaea of 4′,6′-diamidino-2-phenylindol (DAPI)-stained cells were detected in the thermocline of the northern basin. In the southern basin, highest numbers were located at around 200 m depth, perfectly coinciding with highest calculated rates of the anaerobic oxidation of CH 4 (Figure 2d ). Archaea were also present in smaller amounts below ∼350 m, aligning with simulations that predict anaerobic oxidation of CH 4 in the whole water column. We cannot exclude that increased numbers of archaea may also result from an elevated abundance of methanogens. However, the proper correlation (R = 0.86, P < 0.0001) of archaeal cell counts with simulated rates of the anaerobic oxidation of CH 4 suggested a dominant role of archaeal methanotrophs. Methanotrophs of aerobic physiology could also be located using FISH and specific probes for bacterial type I and II methanotrophs [Eller et al., 2001] . Highest abundances (up to 95% type I methanotrophs) occurred close to the top of the suboxic regime, confirming the pattern in calculated aerobic oxidation rates ( Figure 2d ) and a former study by Rudd [1980] .
[49] Empirical data and simulations provided several arguments for the assumption that the anaerobic oxidation of CH 4 is an important removal process for CH 4 in Lake Tanganyika today. First, model calculation allowed identifying a substantial deep water renewal process as a continuous mechanism supplying the electron acceptor SO 4 2 to the very deep. Second, between ∼150 and 300 m depth downward fluxes of SO 4 2 matched upward fluxes of CH 4 and HS which is consistent with the anaerobic oxidation of CH 4 stoichiometry. Third, the overlap of archaeal numbers with calculated rates of the anaerobic oxidation of CH 4 validate the occurrence and importance of the anaerobic oxidation of CH 4 . In conclusion, the available data support that anaerobic oxidation of CH 4 is an important mechanism controlling CH 4 removal in the deep water of Lake Tanganyika. Nevertheless, the vertical CH 4 profile could also be reproduced with an adapted version of the model without AOM. Ultimate proof of the importance of AOM will therefore require on one hand in situ rate measurements and biomarker analyses, and on the other hand cloning and sequencing of archaea present in the anoxic water column.
[50] It has been speculated that global warming may enforce stratification and that, as a consequence, the anoxic water mass will expand to shallower depths within the upcoming 100 years in Lake Tanganyika [Verburg et al., 2003; Verburg and Hecky, 2009; Cohen et al., 2006] . We consider that this change could largely affect the vertical flux of important reactants in the anaerobic oxidation of CH 4 , at least until the system has reached a new steady state. Hence, meanwhile the anaerobic oxidation of CH 4 will stay a major factor restraining CH 4 release to the atmosphere, however, over longer time periods an enforced stratification and higher minimal surface temperatures may impede vertical input of O 2 and SO 4 2 as well as deep water renewal. As a net result CH 4 may accumulate below the thermocline.
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